Abstract. In the upper crust, where hydraulic gradients are typically Ͻ1 MPa km Ϫ1 , advective heat transport is often effective for permeabilities k Ն 10 Ϫ16 m 2 and advective mass (solute) transport for k Ն 10 Ϫ20 m 2 . Regional-scale analyses of coupled groundwater flow and heat transport in the upper crust typically infer permeabilities in the range of 10 Ϫ17 to 10 Ϫ14 m 2 , so that heat advection is sometimes significant and solute advection should nearly always be significant. Analyses of metamorphic systems suggest that a geochemically significant level of permeability can exist to the base of the crust. In active metamorphic systems in the mid to lower crust, where vertical hydraulic gradients are likely Ͼ10 MPa km Ϫ1 , the mean permeabilities required to accommodate the estimated metamorphic fluid fluxes decrease from ϳ10 Ϫ16 m 2 to ϳ10 Ϫ18 m 2 between 5-and 12-km depth. Below ϳ12 km, which broadly corresponds to the brittle-plastic transition, mean k is effectively independent of depth at ϳ10 Ϫ18.5Ϯ1 m 2 . Consideration of the permeability values inferred from thermal modeling and metamorphic fluxes suggests a quasi-exponential decay of permeability with depth of log k Ϸ Ϫ3.2 log z Ϫ 14, where k is in meters squared and z is in kilometers. At mid to lower crustal depths this curve lies just below the threshold value for significant advection of heat. Such conditions may represent an optimum for metamorphism, allowing the maximum transport of fluid and solute mass that is possible without advective cooling.
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INTRODUCTION
Permeability, the capacity of a material to transmit fluid, is a critical geologic parameter because migrating fluids play a fundamental role in heat and mass transfer and crustal rheology. Both hydrogeologists and geologists are actively exploring the role of subsurface fluids in such fundamental geologic processes as ore deposition, hydrocarbon maturation and migration, seismicity, and metamorphism. (For a comprehensive discussion of the role of fluids in geologic processes, see Ingebritsen and Sanford [1998] .)
Most economically significant ore deposits exist because of the advective transport of solutes and heat by aqueous fluids. Mobilization, transport, and deposition of chemical species are all linked to fluid flow, and the thermal effects of fluid flow can explain the emplacement of certain types of ore deposits at anomalously shallow depths [Garven and Freeze, 1984a, b; Bethke and Marshak, 1990; Garven et al., 1993] . Similarly, the thermal effects of fluid movement may influence the position of the temperature "window" that favors the initial maturation of organic matter into hydrocarbons [e.g., Person et al., 1995] , and hydrodynamic forces influence patterns of migration toward reservoirs where hydrocarbons are concentrated in economically significant quantities.
At generally greater depths in the crust, the occurrence and movement of fluids influences tectonism, seismicity, and metamorphism. Seminal studies of thrust faulting by Hubbert and Rubey [1959] and Rubey and Hubbert [1959] demonstrated the critical influence of fluids. In thrust faulting, part of the brittle crust is thrust over adjacent crust at a low dip angle, typically 10Њ-30Њ. Individual thrust sheets can extend over hundreds of kilometers, as in the southern Appalachian Mountains of the United States. Without consideration of fluid pressure effects, there is no satisfactory mechanical explanation for the low-angle thrusting and/or sliding of such large, thin, relatively intact sheets of rock; their strength is insufficient to withstand the required force [Smoluchowski, 1909] . However, Hubbert and Rubey [1959] showed that given elevated fluid pressures, very large blocks can slide down arbitrarily small slopes. More recently, it has been recognized that the fluid pressure regime likely controls the behavior of great transform faults where crustal plates slide past one another, such as the San Andreas fault of California [e.g., Irwin and Barnes, 1975; Byerlee, 1990 Byerlee, , 1993 Rice, 1992] . In addition, metamorphism at any depth in the crust, like ore deposition, generally involves a gain, loss, and/or exchange of chemical constituents via a fluid phase. Further, most metamorphic reactions involve dehydra-tion, hydration, and/or changes in porosity, all of which influence the hydrodynamic regime. ("Porosity" refers to the percentage of the bulk rock volume that is occupied by connected or isolated interstices.)
In the standard Darcian flow model, the magnitude of fluid flow is a function of the intrinsic permeability k of the geologic medium, the fluid viscosity , and the pressure P and gravitational energy gradients acting on a unit volume of fluid. That is, in one dimension,
where is fluid density, g is gravitational acceleration, z is elevation above a datum, and ‫(ץ‬P ϩ gz)/‫ץ‬ x is the energy gradient for fluid flow along the flow path x, so that the proportionality between the instantaneous volumetric fluid flux along x (q x ) and the energy gradient is the quotient (k/). Numerical experiments on a wide range of geologic environments show that permeability is usually the primary control on fluid flux. This is because the measured intrinsic permeability of common geologic media varies by an almost inconceivable 16 orders of magnitude, from values as low as 10 Ϫ23 m 2 in intact crystalline rock, intact shales, fault gouges, and halite to values as high as 10 Ϫ7 m 2 in well-sorted gravels. Fluid viscosity and typical driving forces for fluid flow exhibit much narrower ranges of variation.
Variation of Permeability With Depth
Fluid flow occurs throughout the continental crust, from the surface to at least 30-km depth. Numerous attempts have been made to assess the range of crustal permeability and its variation with depth. Both theoretical models [e.g., Gangi, 1978] and laboratory results [e.g., suggest that the permeability of fractured crystalline rocks generally decreases with increasing confining pressure or effective stress. Although Brace [1980 Brace [ , 1984 concluded that there was little evidence for depth-dependent permeability in crystalline rocks, most of his in situ data were from Ͻ500-m depth, and more recent data indicate a dependence on confining pressure that varies with rock type and the extent of weathering. Less-fractured gneissic rocks from the Black Forest of Germany show depth-dependent in situ permeability, whereas highly fractured granitic rocks from the same region do not [Stober, 1996] . Similarly, the laboratory-scale permeability of relatively fracture-free basalts from the deep Kola (Russia) and KTB (Germany) drill holes is sensitive to confining pressure, whereas highly fractured granodiorite gneisses from the same holes are less pressure-sensitive . The laboratory-scale permeability of deep drill hole core samples is generally both lower and more pressuresensitive than the permeability of similar rocks sampled at surface outcrops . The lack of pressure sensitivity in the outcrop samples may result from near-surface unloading and weathering, which causes near-surface fracture openings to be less uniform, and therefore less easily closed, than those at depth.
In the absence of a clear understanding of permeability variations throughout the crust, regional-scale models of groundwater flow invoke fairly arbitrary permeability-depth curves. For example, in the Dakota Sandstone, correlations between log k and porosity n and between log n and depth lead to variations in sandstone permeability of about 3 orders of magnitude over about 4 km depth. This led Belitz and Bredehoeft [1988] to propose log(log k/k 0 ) ϰ depth, where k 0 is the near-surface permeability. To represent the permeability of cross sections across the San Andreas fault in California, Williams and Narasimhan [1989] chose log k ϭ Ϫ0.2 ϫ depth (km) Ϫ 15, so that permeability varied from 10 Ϫ15 m 2 at the surface to 10 Ϫ18 m 2 at 15-km depth, roughly matching the range of permeabilities measured in nearby boreholes in fractured (10 Ϫ15 m 2 ) and intact (10 Ϫ18 m 2 ) crystalline rock. Such permeability-depth relations are applicable only to the locality for which they were derived. If extrapolated to deeper active metamorphic environments, the permeability values invoked by the Williams and Narasimhan [1989] relation are substantially lower than those predicted for dewatering crust undergoing advective solute transport [e.g., Bickle and McKenzie, 1987; Connolly and Thompson, 1989 ].
Purpose and Scope of This Paper
It seems likely that in tectonically and/or thermally stable environments, permeability may diminish to van- ishingly small values at depths where rock strength is low. However, numerous studies focused on more active environments have documented the existence of hydrologic systems operating over a range of scales and at all depths in the continental crust. In this paper we focus on the magnitude of permeability in these active hydrologic systems as constrained by geothermal studies and estimates of metamorphic fluid flux. We begin by briefly reviewing the nature of crustal permeability, including its heterogeneity and its time and scale dependence. We then describe simple calculations that elucidate the limiting permeabilities required for such geologically significant processes as generation of excess pore fluid pressures and advective transport of heat and solutes. Finally, these "process-limiting" limiting values of permeability are used in conjunction with geothermal and metamorphic data to obtain estimates of crustal permeability and a speculative permeability-depth curve for the hydrologically active crust (Figure 8 ).
VARIATION OF PERMEABILITY IN THE CRUST
Although the main purpose of this paper is to use geothermal and metamorphic data to assess the variation of permeability with depth in the crust, there are other sources of permeability variation that require some discussion, including heterogeneity and anisotropy, temporal variation, and scale variation. We will argue that these factors can (and sometimes must) be ignored in analysis of the geothermal and metamorphic data.
Heterogeneity and Anisotropy
Near the Earth's surface, permeability exhibits extreme spatial variability (heterogeneity) and anisotropy, both among geologic units and within particular units. For example, permeability commonly shows 10 4 -fold variation within particular ash flow tuff [Winograd, 1971] and soil [Mitchell, 1993] units. The most obvious sources of anisotropy in permeability are sedimentary and volcanic layering and fracture patterns, but foliation in metamorphic rocks also causes anisotropy; Huenges et al. [1997] found mean permeability parallel to foliation to be about 10 times larger than mean permeability perpendicular to foliation. In general, permeabilities parallel to planar elements tend to be much higher than the permeabilities orthogonal to them. Such anisotropies can have a large impact on heat and mass transport in convecting systems where permeability is sufficiently high [e.g., Rosenberg and Spera, 1990] . By solving Darcy's law for a series of stacked layers [e.g., Maasland, 1957] it can be shown that the equivalent vertical permeability k z of m layers is given by the harmonic mean of the layer permeabilities,
, where b i and k i are the thickness and permeability of the ith layer and b t is the total thickness of the stacked layers. The equivalent horizontal permeability k x of m layers is given by the arithmetic mean, k x ϭ ¥ iϭ1 m k i (b i /b t ). This implies that the equivalent vertical permeability of stacked layers will tend to be controlled by the lower-permeability layers, whereas the equivalent horizontal permeability will tend to be controlled by the higher-permeability layers.
Although local heterogeneity and anisotropy are greatest near the Earth's surface, heterogeneity in permeability also exists in the middle and lower crust below the brittle-plastic transition, where it is a consequence of variations in pore network geometry within and between lithologies that arise from variations in rheology, mineral types, shape factors, and volatile contents [Oliver, 1996] . Almost all analyses of metamorphic fluid flow deduce that permeability varies within and between lithologies. Recent studies have noted heterogeneities within lithologies exceeding a factor of 10 2 [e.g., Cartwright and Oliver, 1992, 1994; Cartwright and Weaver, 1993; Cartwright, 1994; Cartwright and Buick, 1995; Baumgartner et al., 1997] and that time-integrated fluid fluxes tend to be greater along lithologic contacts than across them, implying greater permeability parallel to bedding or other lithologic boundaries [e.g., Rumble and Spear, 1983; Nabelek et al., 1984; Ganor et al., 1989; Bickle and Baker, 1990; Cartwright and Oliver, 1994; Skelton et al., 1995] .
The anisotropy of permeability motivates a threedimensional version of Darcy's law in which permeability appears as a second-rank tensor [e.g., Bear, 1972] . However, the geothermal and metamorphic system data that we examine in this paper generally permit estimation of only scalar values of permeability. The permeabilities obtained from consideration of geothermal data, which are mainly from sedimentary basins and layered volcanic rocks, usually represent some combination of flow along and across layering, although in rare instances [e.g., Deming, 1993] it is possible to estimate both horizontal and vertical permeability from a particular data set. The values obtained from metamorphic data likely represent the maximum value of the permeability tensor, because metamorphic flux-based permeability estimates are based mainly on flow within lithologies; mean flux (and permeability) normal to lithologic contacts is generally lower.
Temporal Variation
Because of ongoing deformation, dissolution and precipitation of minerals, and other metamorphic processes, permeability is a time-dependent property. The transient nature of permeability has long been recognized by economic geologists, who see evidence of episodic fracture creation and healing in fossil hydrothermal systems [e.g., Titley, 1990] . The feedbacks between transient permeability and such processes as compaction, hydraulic fracturing, poroelastic response, and dissolution-precipitation reactions have been quantitatively explored by Walder and Nur [1984] , Connolly and Thompson [1989] , Nur and Walder [1990] , Norton [1990] , Lowell et al. [1993 Lowell et al. [ , 1995 , Dutrow and Norton [1995] , and Connolly [1997b] , among others. However, time-dependent permeabilities are rarely incorporated in quantitative analyses of fluid flow and transport.
Although time itself is not the activating factor, it is useful to consider the timescales over which various geologic processes are likely to affect permeability. Some geologic processes (e.g., hydrofracturing or earthquakes) act very rapidly, whereas others (e.g., compaction of sediments) cause a gradual evolution of permeability. The fact that earthquakes can instantaneously change permeability on a regional scale was vividly demonstrated by the M 7.1 Loma Prieta (California) earthquake of 1989; immediately after the earthquake, many streams within ϳ50 km of the epicenter experienced a tenfold increase in streamflow [Rojstaczer and Wolf, 1992] . Water-rock reactions can also cause permeability to evolve fairly rapidly: analyses of near-surface silica precipitation in hydrothermal upflow zones indicate that at high temperatures (ϳ300ЊC), large (1 mm) fractures can be sealed by silica precipitation in 10 1 years [Lowell et al., 1993] , and simulations of calcite dissolution in coastal carbonate aquifers suggest significant changes in porosity and permeability over timescales of 10 4 -10 5 years [Sanford and Konikow, 1989] . surface to about 10 Ϫ20 m 2 at 5-km depth [Neglia, 1979] , and the natural subsidence rate is 0.1-10 mm yr Ϫ1 [Sharp and Domenico, 1976] , so we can infer that it takes perhaps 10 5 -10 7 years for the permeability of a subsiding packet of shale to decrease by a factor of 10.
The permeability values that we will evaluate here, based on geothermal and metamorphic data, are averages that apply over long time periods and often over large spatial scales. The conductive thermal regime evolves slowly (e.g., over 10 4 years on a length scale of 1 km), and estimates of metamorphic permeabilities often rely on fluid flux estimates for the entire duration of active fluid flow (e.g., perhaps 10 5 years for prograde contact metamorphism). Thus the geothermal and metamorphic data provide little quantitative information on the transient variation of permeability.
Scale Variation
Values of permeability are often determined by three methods, each of which measures or infers permeability at a different volume-averaged scale. Laboratory tests measure permeability at the drill core scale, and the volume of material sampled is generally very small, almost always Ͻ Ͻ1 m 3 . The volume of material sampled by in situ or well bore tests varies with the size and duration of the perturbation and with the hydraulic properties of the medium, but generally ranges from Ͻ10 m 3 (for a single-well test in a low-permeability medium) to perhaps Ͼ10 7 m 3 in a high-permeability medium. Larger-scale "regional" values are often inferred from the results of numerical modeling experiments. Regional permeability values inferred on this basis are applied to volumes ranging from perhaps 10 0 to Ͼ10 3 km 3 . On the basis of measurements and inferences at these different and often nonoverlapping scales, permeability often appears to be a scale-dependent property. The apparent scale dependence is most pronounced in crystalline rocks where permeability is provided largely by discrete fractures. For such rocks there is typically a 10 4 -to 10 6 -fold variation among laboratory-scale measurements of samples from a particular site [Brace, 1980] , and the mean in situ value is typically about 10 3 higher than the mean value determined by laboratory tests [Brace, 1980 [Brace, , 1984 Clauser, 1992] . This is because the cores for laboratory analysis (typically ϳ0.1 m long) tend to come from mechanically sound (unfractured) sections of the well bore. The in situ tests sample a longer section of well bore (usually Ͼ10 m) and encounter more of the natural heterogeneity of the medium. In contrast to experience in crystalline rocks, laboratory and in situ permeability measurements on argillaceous (clay rich) rocks often agree to within an order of magnitude [Brace, 1980; Neuzil, 1994] , though there are exceptions.
Crustal permeability values based on geothermal and metamorphic data are averages that apply over some spatial scale. In most cases, the applicable scale is rather large (in the case of geothermal data, the length scale is usually Ͼ100 m and often Ͼ10 km). At such large scales, permeability data from the uppermost crust show no clear scale dependence [Clauser, 1992] .
USE OF GEOLOGIC OBSERVATIONS TO CONSTRAIN PERMEABILITY
Because fluid flow influences pore fluid pressures, heat transport, and solute transport, observations of pressures, temperatures, and metamorphic reaction progress can be used to constrain flow rates and/or permeabilities. In this section we use analyses of homogeneous, one-dimensional systems to estimate key "process-limiting" values of permeability; in particular, the approximate limiting values required for generation of elevated pore fluid pressures and significant advective transport of heat and solutes. Such limiting values can then be compared with geothermal and metamorphic data to obtain a first-order estimate of permeability throughout the crust.
Elevated Fluid Pressures
Elevated fluid pressures are of considerable geologic interest because they change the state of effective stress and reduce the work necessary for deformation . A simple one-dimensional analysis can be used to estimate the permeability required to allow generation of excess pore fluid pressures in diverse geologic settings [Neuzil, 1995] . In the context of standard equations of groundwater flow, fluids produced by metamorphic devolatilization or other geologic processes such as sediment compaction and oil generation may be treated as sources or sinks of fluid [Bredehoeft and Hanshaw, 1968] . That is, for example,
where s s is the specific storage, or change in the volume of fluid stored in a unit volume of porous medium per unit change in hydraulic head [Jacob, 1940] ; K is hydraulic conductivity, a lumped parameter (K ϭ k f g/ f ) that includes the influence of both fluid (specific weight f g, and viscosity f ) and medium (k) properties on the ability to transmit fluid; h is hydraulic head [Hubbert, 1940] ; and ⌫ is the source term (L 3 /(L 3 T) or 1/T). This formulation, in conjunction with estimates of ⌫ obtained from the literature [e.g., Neuzil, 1995] provides a basis for estimating when fluids generated by geologic processes are likely to have a significant effect on the fluid pressure distribution.
For a homogeneous, isotropic hydraulic-conductivity field, equation (2) can be written in dimensionless form as
where the operator ٌ 2 and hydraulic head h d have been nondimensionalized with a representative length L, dimensionless time t d is given by Kt/s s L 2 , and the dimensionless source ⌫ d is given by ⌫L/K. Then, assuming conservatively that hydraulic head gradients greater than unity indicate a significant level of excess fluid pressure, it can be shown that that such gradients would be expected for a variety of domain geometries if [Neuzil, 1995] K Ͻ ͉⌫͉L.
The potential for significant effects on the fluid-pressure regime thus depends only on the strength of the fluid source, the size of the domain, and the hydraulic conductivity.
The widespread occurrence of reticulate fracture networks ("stockworks") in contact-metamorphic environments is commonly attributed to fluid pressures that temporarily exceeded the stress required for failure, leading to hydraulic fracturing of the rock mass [e.g., Titley, 1990] . Using equation (4) we can easily estimate the conditions under which metamorphism is likely to lead to anomalous pore fluid pressures. For example, devolatilization of a 1-km-thick layer of rock in a regional metamorphic setting (⌫ Ͻ 3 ϫ 10 Ϫ15 s Ϫ1 [Hanson, 1992] ) might lead to anomalous fluid pressures if the hydraulic conductivity of the layer, K, is less than 3 ϫ 10 Ϫ12 m s Ϫ1 (or, alternatively, if the layer were bounded above and below by comparably thick and poorly conductive layers). At a temperature of about 300ЊC this limiting value of hydraulic conductivity would translate to an intrinsic permeability k of the order of 10 Ϫ19 m 2 , the same value that is required for significantly elevated fluid pressures in Hanson's [1997] detailed numerical analysis of regional metamorphism. In a 100-m-thick contact-metamorphic zone adjacent to an igneous intrusion, the combined effects of heating and devolatilization (⌫ Ϸ 6 ϫ 10 Ϫ13 s Ϫ1 [Palciauskas and Domenico, 1982; Hanson, 1992] ) might lead to anomalous pressures for wall rock K Ͻ 6 ϫ 10 Ϫ11 m s Ϫ1 or, at T Ϸ 300ЊC, for wall rock k Յ 10 Ϫ18 m 2 . In general, it appears that the rate of fluid production by various geologic processes (generally Ͻ10 Ϫ12 s Ϫ1 [Neuzil, 1995] ) is such that they may be important in creating overpressures when moderately large regions of a flow domain (L Ͼ 100 m) are composed of or bounded by material with k Յ 10 Ϫ17 m 2 ( Figure 1 ).
Heat Transport
The coupling between fluid flow and heat transport was described by Stallman [1960] , and Bredehoeft and Papadopulos [1965] presented a solution to Stallman's general heat transport equations for the particular case of uniform upflow between constant-temperature boundaries:
where
T U , T L , and T z are temperatures at the upper and lower boundaries and at an intermediate depth z, L is the distance between the constant-temperature boundaries, c w is the heat capacity of liquid water, q w is the volumetric fluid flux or flow rate defined by Darcy's law (q x of equation (1)), and K m is the thermal conductivity of the porous medium. The value of z is zero at the upper boundary and increases downward, and the dimensionless number ␤ is negative for upflow and positive for downflow. Choosing a temperature range of 100Њ-200ЊC, a length scale of 400 m, and a typical value of 2 W (m-K)
Ϫ1
for K m , we have plotted temperature solutions for a series of flow rates in Figure 2a . A flow rate q w of 10 Ϫ10 m s Ϫ1 (0.3 cm yr Ϫ1 ) corresponds to an advective heat flux of 40 -70 mW m Ϫ2 and causes a subtle but detectable curvature. Larger flow rates cause pronounced curvature, whereas lower rates result in linear temperature profiles, indicating that heat transport is mainly by conduction. The mean continental conductive heat flux is about 60 mW m Ϫ2 [Jessop et al., 1976] , so if vertical flow rates are as large as 10 Ϫ9 m s Ϫ1 (3 cm yr Ϫ1 ), advection is likely the dominant mode of vertical heat transport, even if temperatures are substantially lower than those used in our example.
Threshold flow rates for advection of heat (and solutes) over various length scales were clearly elucidated by Bickle and McKenzie [1987] . A useful extension of this analysis would be to translate the threshold flow rates for heat advection into permeabilities. This is a somewhat ambitious task because the threshold flow rate depends on the overall temperature difference as well as the length scale (equation (5)). The flow rate in turn depends on hydraulic gradients (equation (1)) as well as on hydraulic conductivity.
We approached this problem by first assuming a particular hydraulic gradient and then calculating threshold permeabilities for the heat transport problem over length (⌬L ϭ 1 m to 1 km) and temperature (⌬T ϭ 10Њ-100ЊC) scales that encompass many problems of geologic interest. (For many "crustal"-scale processes with apparent length scales of Ն10 km, fluid production may actually be occurring in a subset of the domain, for example between metamorphic isograds.) The fixed hydraulic gradient was chosen to be 10 MPa km Ϫ1 , equivalent to a unit head gradient at standard temperature and pressure. This is a reasonable maximum for flow in upper crustal regions where fluid pressures vary about the hydrostatic gradient. The hydraulic gradient in middle to lower crustal regions where fluid pressures approach lithostatic may be somewhat larger (up to ϳ20 MPa km Ϫ1 ). The threshold permeability for "significant" advective heat transport was taken as the value at which advective and conductive heat transport are equal; that is, the value required for a thermal Nusselt (Nu) number of 2, with Nu defined as
using the same notation as equation (5) and taking T ϭ (T L ϩ T U )/2. The threshold permeabilities were calculated over pressure-temperature ranges of 0 -1,000 MPa and 0Њ-1000ЊC using the U.S. Geological Survey model HYDROTHERM (http:// h2o.usgs.gov/software/hydrotherm.html). Examination of the results shows a 10 4 -fold difference in threshold permeability values between cases with small length scales and large temperature differences (perhaps corresponding to intense contact metamorphism) and cases with large length scales and small temperature differences (perhaps corresponding to high pressure-low temperature metamorphism) (Figure 3 ). For any particular ⌬L Ϫ ⌬T pair there is a 10 2 -fold difference in the threshold permeability due to variations in fluid properties ( f , f ) across the pressuretemperature range considered.
Solute Transport
Whereas a linear temperature profile indicates that heat transport is dominantly by conduction, a linear solute concentration profile indicates that solute transport is dominantly by molecular diffusion. In each case, departures from linearity imply that advection may be significant. Written in the same form as equation (5) and assuming that C L Ͼ C U , the solution for the solute transport problem of steady flow between constant-concentration boundaries is [e.g., Bickle and McKenzie, 1987; Finlayson, 1992] 
C U , C L , and C z are concentrations at the upper and lower boundaries and at an intermediate depth z; L is the distance between the constant-concentration boundaries; D is a dispersion-diffusion coefficient; n is porosity; and the dimensionless parameter is negative for upflow and positive for downflow. Whereas thermal conductivity can often be treated as a simple constant (K m in (5) and (6)), the dispersion-diffusion coefficient D is a velocity-dependent parameter that can be expressed as
where ␣ L is known as the longitudinal dispersivity and, in porous-media applications, D m is some fraction of the coefficient of molecular diffusion in Fick's first law. For common, nonadsorbed dissolved species, values of D m are generally in the range of 10 Freeze and Cherry, 1979] . The dispersivity ␣ L is generally regarded as a scale-dependent parameter, and for flow path lengths of the order of 10 2 m, values for ␣ L of 1-10 m are considered reasonable [e.g., Gelhar et al., 1992] . . times smaller than those required to perturb the temperature profile (Figure 2b ). At these rather low flow rates (10 Ϫ14 -10 Ϫ13 m s Ϫ1 ) the dispersive solute flux is negligible (␣q w /n Ͻ 5 ϫ 10 Ϫ12 m 2 s Ϫ1 ), and the curvature of the concentration profiles is controlled only by the competing influence of advection (v w C) and molecular diffusion (D m ϭ 10 Ϫ10 m 2 s
Ϫ1
). As Bickle and McKenzie [1987] realized, the large difference between the threshold flow rates for advective transport of heat and solutes simply reflects the relative efficiency of conduction as a heat transport mechanism as compared with molecular diffusion as a solute transport mechanism. Bickle and McKenzie [1987, p. 389] subdivided fluid flow regimes into three classes as a function of flow rate and transport distance: " ⅐ ⅐ ⅐ one in which advection of both heat and matter [solute] predominate, a second in which heat is largely conducted but matter is advected, and a third in which advection of both heat and matter is insignificant." As we shall show in the next section, geothermal data indicate that upper crustal (Յ10 km) hydrologic systems span the boundary between the first and second classes. Later, we summarize data from metamorphic systems deeper in the crust; these data indicate that regions of active metamorphism typically fall in the second class (heat advection insignificant but advection of matter significant).
CRUSTAL PERMEABILITY: INFERENCES FROM GEOTHERMAL DATA
In this section we summarize results obtained by using geothermal data from a variety of settings to estimate homogeneous, isotropic crustal permeabilities on a large scale, a scale beyond that measurable by in situ hydraulic testing. A number of workers have used geothermal data to constrain the permeabilities of sedimentary basins and other geologic environments. Consideration of these studies as a whole (Table 1 , appendix) suggests some general conclusions about crustal permeability within the depth range explored by geothermal studies (usually Ͻ3 km but sometimes as deep as 10 km).
A Hypothetical Example
For regional groundwater flow under quasi-rectangular geometries and uniform water table slopes, Domenico and Palciauskas [1973] showed that significant advective perturbation of the thermal field can be expected when the dimensionless ratio
reaches a value of the order of 1, where B is basin thickness, ⌬z is the water table relief, and L is basin length. (Note the analogy between this ratio and the ␤ ratio of (6). Here, gk⌬z/ w L approximates a basinscale flow rate and is thus analogous to q w in (6). Both ␤ and the dimensionless ratio here are thermal Peclet numbers.) This simple analytical approach for homogeneous, isotropic systems can be compared with numerical simulation results, which also serve to illustrate basic aspects of basin-scale heat transfer (Figure 4 ). Ϫ2 at the recharge margin of the basin to 160 mW m Ϫ2 at the discharge margin, and temperatures at similar depths in the recharge and discharge areas differ by as much as 50ЊC. By evaluating fluid properties ( w , w , c w ) at the average basin temperature of about 90ЊC, we can use (9) to translate the permeabilities of Figure 4 to modified Peclet numbers of 0.002, 0.3, and 0.8. The threshold permeability for significant advective perturbation is in fact of the order of 1.
Some General Conclusions Based on Heat-Flow Observations
Analyses of coupled groundwater flow and heat transport in the upper crust typically infer permeabilities in the range of 10
, with a distribution that is positively skewed about a mean value somewhat greater than 10 Ϫ16 m 2 (Table 1) . This mean value is lower than the average crustal permeability suggested by Brace [1984] by about 2 orders of magnitude. However, Brace was working mainly with shallow data, generally from Ͻ500-m depth. Clauser's [1992] more recent compilation of in situ permeability data from crystalline rocks includes data from several relatively deep holes, and the mean of these data is significantly lower.
Studies concluding that heat transport is conduction dominated typically infer limiting permeability values of Ͻ10 Ϫ17 m 2 to Յ10 Ϫ15 m 2 , depending on the geometry and dimensions of the system. Such values are generally consistent with the limiting value for heat advection (10 Ϫ16 m 2 ) inferred in many analyses of magmatic-hydrothermal systems [Norton and Knight, 1977; Manning et al., 1993; Hayba and Ingebritsen, 1997] . In light of the extreme range of threshold permeabilities for heat advection depicted in Figure 3 (ϳ4 ϫ 10 Ϫ20 to 1 ϫ 10 Ϫ14 m 2 ), the consistent report of a particular threshold value of ϳ10 Ϫ16 m 2 based on one-and two-dimensional simulations of hydrothermal systems may seem puzzling. However, simulations with values of ⌬L (1 km), ⌬T (250ЊC), and ⌬P (1 MPa) believed representative of magmatic-hydrothermal systems (not shown) lead to threshold permeabilities of 0.3-3.0 ϫ 10 Ϫ16 m 2 in the pertinent pressuretemperature range.
Recognizing 10
Ϫ16 m 2 as the approximate threshold value for significant advective heat transport in a fairly wide range of upper crustal contexts, the roughly 10 4 disparity between the threshold flow rates for significant advection of heat and solutes (Figure 2) indicates that the threshold permeability for advection of solutes will often be of the order of 10 Ϫ20 m 2 (Figure 1 ). Higher threshold permeability values for both processes may pertain locally, for instance during contact metamorphism, and lower values may apply to flow regimes deeper in the crust, where both length scales and hydraulic gradients are likely to be large.
Geothermal studies in the Uinta and North Slope basins and in the crystalline continental crust of northern Europe provide some insight into the relation between in situ and regional-scale permeability values (Table 1, appendix). These data do not support an increasing trend in the value of permeability between in situ and "regional" scales but are fairly consistent with Clauser's [1992] compilation of crystalline rock data, which showed good agreement between the overall in situ and regional permeability ranges. Some of the inferred regional-scale permeabilities are lower than the in situ values. In some instances, this could be caused by sample bias, with high-permeability layers oversampled by in situ tests (e.g., in the Uinta basin case [Willett and Chapman, 1987] ). In other instances, the in situ tests may have sampled permeable fracture networks that are discontinuous on a regional scale.
CRUSTAL PERMEABILITY: INFERENCES FROM METAMORPHIC SYSTEMS
In the preceding section we reviewed permeability estimates based on geothermal data and drew general Volcanic rocks from Hawaii are included to represent permeabilities that might occur in continental volcanic provinces such as the Columbia Plateas or rift zones. Permeability values are listed as maxima where heat flow was found to be conductive; k in such cases cannot exceed the given value without introducing a significant advective component to the heat flow. Data sources are as follows: Uinta basin, Willet and Chapman [1989] ; North Slope, Deming [1993] ; Arkoma basin, Lee et al. [1996] ; Rhine graben, Clauser [1989] ; Coast Ranges, Williams and Narasimhan [1988] , Coyle and Zoback [1988] , and Morrow and Byerlee [1989] ; Cascades, Ingebritsen et al. [1992] ; Hawaii, Murray [1974] and Ingebritsen and Scholl [1993] ; Jura, Griesser and Rybach [1989] ; Kola, Bayuk et al. [1987] and Kukkonen and Clauser [1994] ; KTB, Clauser et al. [1997] , and Huenges et al. [1997] .
conclusions based on the suite of published estimates from various geologic environments. Any attempt to draw general conclusions based on data from metamorphic systems requires a more complete analysis. This is because the primary data from studies of metamorphic systems consist of time-integrated fluid-flux estimates rather than permeability estimates. In some cases, other authors have estimated permeabilities from the timeintegrated fluxes, but even in these cases a variety of approaches has been employed. In order to compare results from various studies, we must consider their primary data in a self-consistent fashion.
Evidence accumulated over the last 20 years indicates that fluid migration during metamorphism is common on a range of scales in all crustal settings. The framework for understanding the hydrology of metamorphic systems has been enhanced by numerical modeling of upper crustal hydrothermal and contact-metamorphic systems [e.g., Norton and Knight, 1977; Norton and Taylor, 1979; Norton and Cathles, 1979; Hanson, 1992 Hanson, , 1995 Hayba and Ingebritsen, 1997] and mid and lower crustal regional metamorphic systems [e.g., Connolly and Thompson, 1989; Connolly, 1997b; Hanson, 1997] . These studies have provided broad constraints on the hydrodynamics of metamorphic fluid flow. At the same time, advances in metamorphic petrology have made it possible to quantify certain hydrologic parameters, including permeability, as recorded by exhumed metamorphic terranes. In this section we review the nature of metamorphic fluid flow and summarize existing constraints on permeability in these systems.
Evidence for Large Fluid Fluxes in Metamorphic Rocks
In principle, metamorphism need not occur in the presence of a fluid phase [Thompson, 1983] . However, it has become increasingly apparent that fluids play a central role in the metamorphism of the Earth's crust [e.g., Walther, 1994] . In many cases the sources of metamorphic fluids are local and transport length scales short, but there is growing evidence for fluid migration over hundreds to thousands of meters [e.g., Oliver, 1996] . This evidence includes (1) loss of volatile species contained in the protoliths of metamorphic rocks; (2) loss or addition of nonvolatile components in excess of that possible through interaction with locally derived fluids, as recorded by bulk compositional shifts, pressure solution, concentration of ore minerals, and the development of veins containing metamorphic minerals; (3) shifts in light stable isotope compositions that require interaction between metamorphic rocks and an infiltrating fluid; (4) petrologic evidence for flowing fluids driving metamorphic reactions; and (5) the compositions of certain fluids from seeps, springs, and geothermal systems that indicate extensive water-rock reaction at the elevated pressures and temperatures of metamorphism [e.g., Fyfe et al., 1978; Etheridge et al., 1983 Etheridge et al., , 1984 Rumble, 1989 Rumble, , 1994 Ferry, 1994a] . These hallmarks of fluid flow over large length scales have been found even at the deepest crustal levels (i.e., from 20 km to the base of the crust) in granulites [e.g., Newton et al., 1980; Harris and Bickle, 1989; Harley and Buick, 1992; Harris et al., 1993; Harley and Santosh, 1995] , vein systems [Ague, 1994 [Ague, , 1995 , and shear zones [e.g., Austrheim, 1987; Fourcade et al., 1989; Jamtveit et al., 1990; Newton, 1990; Fruh Green, 1994; Mattey et al., 1994; Austrheim and Engvik, 1997] . The magnitude of permeability, regardless of crustal environment, must have been sufficient to accommodate the flow recorded by the exhumed metamorphic rocks.
Metamorphic Hydrology

Controls on the pore network.
The variation in rock strength with depth dictates that the evolution of permeability and fluid flow should be different in the strong, brittle upper crust relative to the weak middle and lower crust [e.g., Connolly and Thompson, 1989] . The high strength of the crust in the brittle regime (to depths of 10 -15 km) allows connected pore networks to occur over a wide depth range. This allows near-hydrostatic fluid pressure gradients over large length scales and geologically significant times. In addition, small departures from the hydrostatic gradient (typically Ͻ1 MPa km Ϫ1 ) due to topography and/or thermal perturbations can drive significant fluid migration. Under nearhydrostatic conditions, surface (meteoric) fluid can circulate to significant depths. Because of their distinct isotopic composition at appropriate latitudes and elevations, surface fluids act as a tracer for fluid migration and were historically important in the recognition of fluid migration in metamorphic environments [e.g., Taylor and Forester, 1979; . In crystalline rocks, near-hydrostatic fluid pressures can persist to depths of at least 9 -10 km [e.g., Huenges et al., 1997; Zoback and Zoback, 1997] . Below the relatively strong upper crust, rocks weaken significantly owing to deformation mechanisms involving creep, which may occur by crystal plasticity or solutionprecipitation mechanisms [e.g., Cox and Etheridge, 1989; Cox and Paterson, 1991; Rutter and Brodie, 1995] . Evidence for a fundamental change in metamorphic hydrology at a depth broadly consistent with the brittle-plastic transition is found in the form of hydraulic fractures produced by devolatilization reactions, which are related to a drop in fluid pressure from lithostatic to nearhydrostatic values [Coombs, 1993] . Permeability may decrease with depth beyond this interval as a result of progressive changes in pore distribution, shape, and connectivity [Fischer and Paterson, 1992; Gavrilenko and Geugen, 1993] .
Once metamorphism ensues and a fluid phase is produced by metamorphic devolatilization reactions or introduced from an external source, fluid pressure can quickly rise to near-lithostatic values. Hydraulic fracturing will occur when the fluid pressure exceeds the sum of the least principal stress and any tensile strength of the rock mass [e.g., Hubbert and Willis, 1957; Raleigh et al., 1976; Etheridge, 1983] . Whereas empirical observations in the upper crust indicate that this can occur at fluid pressures as low as ϳ1.25 times hydrostatic, phase equilibria and fluid inclusions in metamorphic rocks from deeper crustal settings typically indicate that fluid pressure is close to the lithostatic load [e.g., Fyfe et al., 1978] . Uncertainties in metamorphic fluid pressures are usually large, but in a unique study, Holdaway and Goodge [1990] showed that slightly sublithostatic fluid pressures occurred in mica schists (P f ϭ 0.95 lithostatic), whereas adjacent quartzites record lithostatic fluid pressures.
In general, fluid pressures appear to be maintained at or near lithostatic during metamorphism, consistent with the expectation that rocks will fail near this value. Fluid pressures elevated well above the local hydrostat imply that the time-and volume-averaged path of fluid flow will be toward the Earth's surface. Such flow is inherently episodic [e.g., Walder and Nur, 1984; Gold and Soter, 1985; Nur and Walder, 1990] and is coupled with rock deformation through the balance between crack formation and sealing processes [e.g., Etheridge et al., 1984; Oliver, 1996] . If permeability remains low, fluids are transported by propagating hydraulic fractures [e.g., Emmerman et al., 1986; Nishiyama, 1989; Nakashima, 1993 Nakashima, , 1995 . Higher permeabilities can be created by compaction-related dilatency due to dehydration, which leads to upward propagating porosity waves nucleated at the fluid source and leaving a connected pore network in their wake [Connolly, 1997b] .
It is important to recognize that although the fluid pressure regime dictates dominantly vertical fluid flow, significant local departures from vertical flow may arise from permeability heterogeneities. In fact, one of the major issues in crustal petrology today is reconciling the results of numerical models [e.g., Hanson, 1997] , which predict subvertical (upward), downtemperature flow, with field-based studies that infer subhorizontal, uptemperature flow [e.g., Ferry, 1992; Skelton et al., 1995] . The simplest explanation is that local heterogeneities due to lithology, metamorphic foliation, or folding [Skelton, 1996] temporarily deflect flow path lines from their dominantly vertical orientation.
Applicability of Darcy's law.
In the absence of a fluid phase, permeability and porosity in the middle and lower crust are exceedingly small. Under these conditions, permeability is controlled by grain boundary geometry [e.g., Watson and Brenan, 1987; Holness, 1992 Holness, , 1993 Holness, , 1997 , fluid migration is driven by surface tension or diffusion in an adsorbed grain boundary film of fluid [e.g., Walther and Orville, 1982; Brenan, 1991] , and flow is not Darcian [e.g., Swartzendruber, 1962] . However, a wealth of evidence indicates that this scenario is unlikely during metamorphism (see reviews by Ferry [1994a] and Rumble [1994] ). Deformation during metamorphism leads to creation of a connected pore network. While the length and time scales of this pore network are highly variable and the controls on its development remain poorly understood, it is clear that permeability can be maintained for geologically significant times [Ferry, 1994a; Oliver, 1996] . Large-scale migration of a fluid phase that pervades the rock matrix on scales approaching those of the grain size is termed "pervasive flow" or "infiltration" by metamorphic petrologists and is favored by low strain rates and homogeneous lithologies and permeability [Oliver, 1996] . Systems with higher strains and a more heterogeneous rheology and permeability favor focusing of fluid into narrow regions, which may be individual lithologic units, portions of units, or fractures. This condition is referred to as "channeled" flow.
Regardless of whether flow is channeled or pervasive, Darcy's law can be used to assess the links between fluid flux and the driving-force gradient, because the rocks behave as a porous medium or its equivalent when averaged over time and volume. However, in some environments the spatial-averaging scale required for realistic application of Darcy's law may be impractically large; for instance, crustal faults and the giant hydrothermal veins found in some ore deposits may channel large volumes of fluid and influence regional flow patterns. Here we will focus on systems and scales of observation for which a porous-medium-equivalent approach seems reasonable, excluding major fault zones and giant veins. 5.3. Metamorphic Permeability 5.3.1. Approaches to estimation. Metamorphic systems are far removed from the Earth's surface, where direct observation is possible. As was discussed in the introduction, extrapolation of average permeability values derived from near-surface measurements, with or without an assumed depth dependence, is fraught with problems. In general, there are three possible approaches to determining metamorphic permeability more rigorously: (1) direct determination through characterization of the pore network as preserved in exhumed metamorphic rocks, (2) simulations constraining feasible permeability ranges, and (3) inference from the fluid fluxes recorded by rock chemistry or reaction history.
Direct determination of permeability is impossible in metamorphic rocks because the pore network is modified by the integrated effects of chemical reactions and deformation during and after fluid flow. In principle, if porosity during metamorphism can be estimated or measured, porosity-permeability relations can be used to estimate permeability. Computed X-ray microtomography or quantitative image analysis holds great promise for reconstructing pore networks and simulating flow [e.g., Ehrlich et al., 1991; Spanne et al., 1994; Auzerais et al., 1996; Blair et al., 1996; Mowers and Budd, 1996; Sardini et al., 1997] , but these techniques have not yet been applied to metamorphic rocks. Similarly, vein abundance can be measured and vein porosity can be related to permeability [e.g., Snow, 1970] . In general, however, such studies must assume that the currently preserved pore network is an accurate representation of the average properties of the system of interest, when in fact it represents the cumulative porosity integrated over the duration of fluid flow and fails to record possible poroelastic contributions [e.g., Manning and Bird, 1991] . While measured vein porosities may produce reasonable permeabilities in some cases [e.g., Norton et al., 1984] , they may lead to serious errors in permeability in others.
A second technique for estimating permeability involves analytical or numerical studies of coupled fluid flow and heat or solute transport [e.g., Norton and Knight, 1977; Norton and Cathles, 1979; Bickle and McKenzie, 1987; Connolly and Thompson, 1989; Connolly, 1997a; Hanson, 1992 Hanson, , 1995 Hanson, , 1997 . This approach is extremely useful for establishing permissible ranges in permeability. However, it can only constrain the average permeability for specific systems when combined with other methods, such as thermometry and mass transfer calculations.
Finally, permeabilities can be estimated from the time-integrated fluid flux Q recorded by changes in mineral assemblages or rock composition. The timeintegrated flux has units of
, where L is length, and can be determined from analytical solutions to appropriate statements of transport equations [e.g., Bickle and McKenzie, 1987; Baumgartner and Rumble, 1988; Bickle and Baker, 1990; Baumgartner and Ferry, 1991; Dipple and Ferry, 1992] . When combined with estimates of the duration of the flow event, fluid viscosity, and the driving-force gradient, the time-integrated flux can be used to constrain time-averaged permeability. This method, alone or in combination with numerical simulations, affords the best estimate of metamorphic permeability. Below, we discuss uncertainties in Q and calculated permeability, and then review fluxes and permeabilities for various metamorphic environments.
5.3.2. Time-integrated fluid flux. Statements of mass conservation allow calculation of the time-integrated fluid fluxes by using the change in fluid composition required by mineral assemblages or stable isotope compositions along an assumed flow path [Baumgartner and Ferry, 1991; Dipple and Ferry, 1992] . Transport of a component downstream along a pressure-temperature gradient requires adjustment in both fluid composition and mineral modal abundance. This leads to a onedimensional analytical solution for molar flux of component i [Baumgartner and Ferry, 1991] :
where M i is the number of moles of component i produced or consumed as a consequence of fluid-driven metamorphic reactions, X i is the mole fraction of i in the fluid phase, x is the distance along the flow path, and is the stoichiometric coefficient of the jth species for the equilibrium of interest. The fluid is assumed to be in local equilibrium with its host rock everywhere along the flow path, which requires that the only factor driving reactions is the gradient in fluid composition. Equation (10) states that the molar time-integrated flux (mol L Ϫ2 ) is equal to the change in the number of moles of species i in the fluid phase due to reaction divided by the change in fluid composition with distance along the flow path. Similar equations based on gradients in stable isotopic ratios allow independent calculations of time-integrated fluid flux [Dipple and Ferry, 1992] .
The accuracy of time-integrated fluxes derived from (10) or analogues depends strongly on pressure and temperature along the presumed flow path. This is because estimating the pressure or temperature of metamorphic mineral growth requires accurate and precise knowledge of thermodynamic properties of minerals, mineral solid solutions, and aqueous species, as well as equations of state for typically complex crustal fluids. The combined uncertainties in all thermodynamic data usually translate to a maximum precision in pressure of Ϯ100 MPa and in temperature Ϯ25ЊC [e.g., Ferry, 1992 Ferry, , 1994a . Another source of uncertainty in flux calculations is the protolith composition. In petrological studies, the fluid flux is proportional to the change in the modal abundances of reacting phases (the terms in (10)). The appropriate initial modal mineralogy, which is destroyed by metamorphism, requires calculation from bulk rock composition through the assumption of isochemical metamorphism, or insolubility of a particular component. These sources of uncertainty can be characterized and accounted for to a reasonable degree.
Two additional issues are potentially much more problematic. First, since (10) is one dimensional, the path of the fluid must be known a priori. In practice, this is accomplished by making assumptions about the geometry of the system of interest, coupled with sensitivity tests in which the relevant equation is applied under different scenarios, so that the most likely can be determined. Although the validity of the final result is difficult to test without performing two-or three-dimensional analysis, judicious choice of the coordinate system usually allows quantitative insights into at least the principal component of the time-integrated flux vector. Second, time-integrated flux estimates are based on the progress of chemical interaction between the rock and the fluid; if a volume of fluid migrates through the rock without chemical interaction, its passage will not be recorded, and the flux will be underestimated. However, because studies of fluid-rock interaction focus on grain-scale processes, and because true fluxes are likely extremely low (millimeters to centimeters per year), the values of time-integrated flux measured from metamorphic rocks probably do not lead to severe underestimates except in cases where fluids are strongly channeled into fault zones or fracture systems. Figure 5 and Table 2 summarize petrologically or isotopically based fluxes that have been computed for diverse metamorphic environments, lithologies, and grades, including (1) contact metamorphism associated with local heat transport from cooling igneous bodies, which occurs along very high geothermal gradients at shallow crustal levels, typically in rift zones and volcanic arcs; (2) combined contact and regional metamorphism at 5-to 15-km depth, which is typically a consequence of elevated orogen-scale geothermal gradients due to heat transported by magmas in continental volcanic arcs; and (3) regional metamorphism involving mineral-fluid reactions along moderate geothermal gradients at deep (Ͼ15 km) crustal levels. Molar time-integrated fluxes have been converted to volumetric equivalents with units of ; maximum, ϳ6.3 ϫ 10 4 m). The distribution of time-integrated fluxes is broadly similar between the different environments, with each distribution skewed toward high fluxes.
5.3.3. Conversion of time-integrated fluxes to permeabilities. Because metamorphic rocks reflect the cumulative effects of mineral-fluid reactions throughout a particular event, the hydrologic parameters that may be derived from them are necessarily integrated with respect to time. Knowledge of the duration of the event (⌬t) permits estimation of the time-averaged flux q simply by dividing Q by ⌬t. While the resulting flux is only an average, and clearly inadequate to understand the changes in the system as metamorphism evolves, these petrologically or isotopically constrained fluxes provide quantitative insights into the magnitudes of fluid flow in different environments. Moreover, they provide a basis for estimating time-averaged permeabilities throughout the continental crust.
Solution of the one-dimensional form of Darcy's law (equation (1)) for time-averaged permeability, illustrates that in addition to the time-integrated flux, the fluid viscosity, driving-force gradient along the flow path [‫(ץ‬P ϩ gz)/‫ץ‬ x], and duration of fluid flow must be known. In a few cases authors have used equation (11) to estimate k for metamorphic rocks from timeintegrated fluxes. However, their estimates of parameter values and uncertainties have employed a variety of approaches, preventing direct comparison of published k estimates. We will proceed to discuss estimates of the various parameters and their uncertainties in order to develop a self-consistent set of permeability estimates for metamorphic rocks. Fluids involved in crustal metamorphism are dominated by two molecular components, H 2 O and CO 2 , which together typically constitute Ͼ99 mol% of the fluid phase. Viscosities for the end-members H 2 O and CO 2 [Dudziak and Frank, 1966; Walther and Orville, 1982; Hayba and Ingebritsen, 1994] are very similar at crustal metamorphic conditions and only weak functions of pressure and temperature except at very low pressures. Thus although the viscosities of H 2 O-CO 2 mixtures are not well characterized, assuming that they are equivalent to pure H 2 O is unlikely to introduce significant uncertainty in this parameter.
The driving-force gradient is likely controlled, at least in part, by the brittle-plastic transition and the geometry of the flow path. Numerical simulations of shallow pluton environments in which permeabilities are sufficiently high to maintain near-hydrostatic pressure gradients result in flow in response to thermal buoyancy. The resulting flow at high angles to isotherms arises from the difference in density between hot and cold fluid [Hanson, 1995] , leading to driving-force gradients of ϳ1.5 MPa km Ϫ1 [e.g., Norton and Taylor, 1979] . Driving-force gradients are probably substantially larger in most metamorphic environments below 10-km depth. In the deep crust the maximum fluid pressures possible are approximately lithostatic, and under lithostatic conditions the driving force for (upward) fluid flow is the difference between the hydrostatic pressure gradient and the lithostatic pressure gradient [ rock Ϫ fluid ]g, for which typical crustal values are 15-20 MPa km
Ϫ1
, depending on the actual distribution of rock and fluid densities. However, it is unlikely that such high vertical fluid pressure gradients are sustained throughout the duration of metamorphic flow events. Experimental [e.g., Ko et al., 1997; Wong et al., 1997] and theoretical [e.g., Walder and Nur, 1984; Hanson, 1992 Hanson, , 1995 studies of rock dehydration illustrate that initial buildup of fluid pressures is dissipated by rock failure, such that the resulting metamorphic fluid flow will occur as a consequence of a fluid pressure gradient intermediate between lithostatic and hydrostatic. Using coupled deformation and fluid flow models, Connolly [1997b] showed that metamorphic Values of Q and k are geometric means. Parenthetical values are uncertainties in last digits for symmetrically distributed errors. Sources of uncertainties are as follows: depth, from authors; Q, combination of standard error in mean and P-T uncertainties; driving-force gradient, from geometrical constraints on flow path assuming P f ϭ P lithostatic ; time, from uncertainties in heating rates based on garnet growth [Christensen et al., 1989 [Christensen et al., , 1994 Burton and O'Nions, 1991; Vance and O'Nions, 1992] or numerical models; k, propagated from uncertainties in all parameters. Where uncertainties were not discussed by authors, they were estimated on the basis of average values calculated from Ferry [1992, 1994b] and Léger and Ferry [1993] . Data sources are as follows: Utah, Cook et al. [1997] ; Greenland, Manning et al. [1993] and Manning and Bird [1995] ; Hope Valley, California, Ferry [1989] ; Twin Lakes, California, Davis and Ferry [1993] ; Quebec, Cartwright and Weaver [1993] ; Maine, Ferry [1994b] ; NE Vermont, Léger and Ferry [1993] ; Scotland, Ague [1997] ; Australia, Cartwright et al. [1995] ; Connecticut, Ague [1994] ; SE Vermont, Ferry [1992] ; eastern Vermont, Ferry [1994b] .
devolatilization reactions generate porosity waves that propagate through the crust from the site of fluid liberation. Fluid is drained from the source through an interconnected pore network in the wake of this wave. Driving-force gradients are ϳ14 Ϯ 4 MPa km Ϫ1 for geologically reasonable parameter choices, i.e., between 0.6 and 1 times the value defined by a lithostatic fluidpressure gradient for typical crustal densities.
Lower values are possible where fluids have a significant horizontal flow component. Subhorizontal fluid flow has been inferred at Ͼ10 km depth in regional or contact systems [Ferry, 1992 [Ferry, , 1994b Davis and Ferry, 1993; Leger and Ferry, 1993] . That fluid flow paths had low inclinations from the horizontal (less than ϳ20Њ) is in each case required by the observed development of mineral assemblages when compared with the inferred horizontal and vertical variations in pressure and temperature. It is important to note that both the drivingforce gradient and the time-integrated fluid flux calculated from observed reaction progress vary with the assumed inclination of the flow path [Ferry, 1994a] . For example, varying flow path inclination in the Waterville Formation of south central Maine [Ferry, 1994a] from 1Њ to 15Њ results in driving-force gradients ranging from 0.6 to 7 MPa km Ϫ1 for P f ϭ P total . However, the effect on inferred permeability is minor because the calculated time-integrated flux also increases with the flow path angle. This compensating relationship means that estimates of permeability derived from Q do not depend strongly on the driving-force gradient where the geometry of the flow path can be inferred.
Perhaps the greatest uncertainty in the calculation of permeability from time-integrated fluid flux is the duration of fluid flow. Our approach to this problem was to combine heating rates or times derived from isotopic or numerical studies with estimates of the temperature interval of fluid flow. Regional and contact-regional metamorphism in New England localities (Table 2) was associated with Devonian Acadian metamorphism. Garnet growth during this event indicates heating rates of 7.5 Ϯ 2.5 K Myr Ϫ1 [Christensen et al., 1989] , which were combined with the inferred metamorphic temperature intervals to estimate the duration of fluid flow. No heating-rate estimates were available for the Australian and Scottish regional metamorphic localities (Table 2) . We used average garnet-based heating rates for similar terranes worldwide, which yielded 7.6 Ϫ3.8 ϩ15 K Myr Ϫ1 [Christensen et al., 1989; Burton and O'Nions, 1991; Vance and O'Nions, 1992] . Numerical thermal and hydrodynamic models indicate that in contact metamorphic environments the duration of heating and prograde metamorphism, and therefore prograde fluid flow, is 0.5-5 ϫ 10 5 years [Bowers et al., 1990; Hanson, 1995] . These rates and times reflect the overall duration of metamorphism; in some instances, fluid flow may have been active for shorter times, 10 3 -10 4 years, on the scale of individual hand samples [Young and Rumble, 1993; Skelton, 1996; van Haren et al., 1996] . It is important to note, however, that samples at these small scales may not represent the system as a whole because different samples may experience flow at different times.
5.3.4. Metamorphic permeabilities. Table 2 summarizes time-averaged metamorphic permeabilities and key parameters used to calculate them for well-characterized metamorphic flow systems, with uncertainties for all estimates. The data show that from 6-km depth to ϳ30-km depth the permeability of the crust during metamorphism is between 10 Ϫ15.6 and 10 Ϫ18.8 m 2 . There is no systematic dependence on the method used to determine fluid flux, the duration of metamorphism, or the inferred driving-force gradient. Propagation of average uncertainties in all parameters results in an average uncertainty in permeability of Ϯ1.0 decades. 5.3.5. Variation of metamorphic permeabilities with crustal environment. Permeabilities associated with fluid flow in different metamorphic environments are compared in Figure 6 , using selected localities where flux determinations were made on numerous samples. Two very different contact environments are compared in Figure 6a . The Skaergaard magma-hydrothermal system is a basalt-hosted gabbro in which fluids were surface derived, depth of metamorphism was ϳ5 km, and duration of prograde heating was short (ϳ10 4 years). In contrast, the Sierran roof pendants reflect crustal depths of Ͼ6 km, prograde heating durations were likely longer (ϳ10 5 years), and fluid sources are unknown for the specific localities, although they are likely to be locally derived magmatic fluids if they are similar to the Ritter Range roof pendant [Ferry et al., 1998 ]. The fluxes are broadly similar in each environment (Figure 6 ), but permeabilities are higher for the Skaergaard basalts (ϳ10 Ϫ16 m 2 ) than in the metacarbonate roof pendants (10 Ϫ18.5 -10 Ϫ16 m 2 ). The difference between the two settings depends largely on the duration of fluid flow in this case (equation (11)) but is sensible, given that higher permeabilities should be expected where large path lengths of surface-derived fluids existed, as is demonstrably the case at Skaergaard [Norton and Taylor, 1979] .
Permeabilities associated with fluid flow in regionalcontact metamorphism in Maine and Vermont are lower than those of contact metamorphic environments (Figure 6b) . Most fluid flow in these settings is due to regional effects, though locally elevated heat and fluid flow occurs near plutons [e.g., Leger and Ferry, 1993] . In regional-metamorphic terranes, mean permeabilities are slightly lower than in shallower metamorphic settings (Figure 6c) .
In all three metamorphic environments, permeabilities are skewed toward higher values. Mean permeability decreases from 10 Ϫ16.8 m 2 in contact environments, through 10 Ϫ18.5 m 2 in regional-contact environments, to 10 Ϫ18.7 m 2 for regional metamorphism. Since these environments reflect progressively greater crustal depths (Table 2) , our self-consistent data set indicates a decrease in crustal permeability with depth.
5.3.6. Lithologic controls. Permeability heterogeneities between different lithologies appear to diminish with depth in the crust. In contact metamorphic environments, basalts and calc-silicate hornfels record the highest permeability, regardless of locality, whereas carbonates record distinctly lower permeability ( Figure  7a ). Lithological controls are less distinct in the deeper environments of regional-contact and regional metamorphism. In regional-contact environments, pelitic schists have higher average permeabilities than limestones, but there is more overlap of values than in contact environments (Figure 7b ). In the deepest settings, all lithologies appear to have similar mean permeability (Figure 7c ). Given that all petrologically and isotopically based studies focus on units that experienced fluid flow, heterogeneities on an even greater scale are implicit in this analysis. For example, marbles and quartzites are rarely even studied because they typically record no fluid-rock interaction. This indicates that permeabilities significantly lower than those plotted in Figures 6 and 7 likely exist in any given environment.
DISCUSSION AND SUMMARY
The intrinsic permeability of the crust largely determines the occurrence of such geologically significant processes as advective transport via flowing fluids and the generation of elevated fluid pressures. By using simple analyses of homogeneous, one-dimensional systems, thus avoiding full consideration of the issues of heterogeneity, time, and (apparent) scale dependence of permeability, one can calculate that under upper crustal conditions, significant advective heat transport typically requires permeabilities k Ն 10 Ϫ16 m 2 and advective solute transport k Ն 10 Ϫ20 m 2 , whereas elevated fluid pressures generally require k Յ 10 Ϫ17 m 2 . The permeability ranges for overpressuring and advective heat transport do not overlap, so that these two processes will generally be mutually exclusive. The highest permeability ranges for advective heat and solute transport do overlap. However, in parts of the upper crust where permeability is in the range of ϳ10 Ϫ20 -10 Ϫ16 m 2 , heat transport will typically be dominantly by conduction whereas solute transport may be dominantly by advection.
Two classes of independent constraints allow estimation of crustal permeability at large scales and throughout the entire thickness of the continental crust, namely, those afforded by observations of crustal heat flow (Table 1) and studies of metamorphic systems ( Table 2) . Analyses of coupled groundwater flow and heat transport in the upper crust typically infer permeabilities in the range of 10 Ϫ17 to 10 Ϫ14 m 2 , with a distribution that is positively skewed about a mean value somewhat greater than 10 Ϫ16 m 2 . This mean value is lower than the average crustal permeability suggested by Brace [1984] by about 2 orders of magnitude but is reasonably consistent with Clauser's [1992] more recent compilation of permeability data. The heat-flow-based permeability estimates do not support an increasing trend in the value of permeability between in situ and "regional" scales but, again in accordance with Clauser's [1992] compilation, show generally good agreement between the overall in situ and regional permeability ranges.
Though most heat flow observations pertain to shallow crustal depths, analyses of metamorphic systems permit inferences about permeability deeper in the crust. In regions of active metamorphism it appears that a geochemically significant level of permeability can exist throughout the crust. In active metamorphic systems in the mid to lower crust, the permeabilities required to accommodate the estimated fluid fluxes decrease from ϳ10 Ϫ16 m 2 to ϳ10 Ϫ18 m 2 between 5-and 12-km depth. Below ϳ12 km, which broadly corresponds to the brittleplastic transition, k is effectively constant at ϳ10 Ϫ18.5Ϯ1 m 2 (Figure 8a) . Consideration of the permeability values inferred from thermal modeling and metamorphic systems suggests a quasi-exponential decay of permeability with depth ( z) of log k Ϸ Ϫ3.2 log z Ϫ 14. To some extent, this is an expected consequence of the generally larger and more heterogeneous permeabilities known to exist in the brittle upper crust. Yet there is an unexpected and pleasing consistency between the deepest in situ and heat-flow-based values and the shallowest metamorphicsystem values. The constant in the fit equation, which gives k at 1 km, is similar to Brace's [1984] average crustal value, which is sensible because his compilation strongly weighted near-surface permeability.
The permeabilities in Figure 8a represent environments in which fluid flow was or is a consequence of tectonic or magmatic activity, such as sedimentary basin formation or prograde metamorphism. Lower permeabilities might be expected during metamorphism associated with cooling and decompression, or in the deep crust in stable cratons. Fault zones, which we have ignored in our analysis, may locally elevate permeability above the values in Figure 8a . With the exception of fault zones, the permeability-depth curve in Figure 8a likely represents the maximum attained at mid to lower crustal levels. Figure 8b shows that the metamorphic-system permeability values at mid to lower crustal depths are consistent with values calculated assuming devolatilization of average crust at a flux of 10 Ϫ8 kg (m 2 -s)
Ϫ1
, a geotherm of 30ЊC km Ϫ1 , and driving-force gradients of 20 and 1 MPa km Ϫ1 , reflecting vertical to subhorizontal flow. (The Table 2 ). The solid line shows a logarithmic fit to all data. (b) Same data as in Figure 8a , but with curves added to illustrate processlimiting values.
37, 1 / REVIEWS OF GEOPHYSICS Manning and Ingebritsen: CONTINENTAL CRUST PERMEABILITY • 143 arithmetic mean of the fluxes predicted by , which encompass expected ranges for crustal metamorphism, and a drivingforce gradient of 1 MPa km Ϫ1 . The relations in Figure 8b suggest an explanation for the narrow range of inferred metamorphic permeabilities. Active metamorphic systems need to be at least permeable enough to lose water under a lithostatic pressure gradient. This generally requires permeability of Ն10 Ϫ19 m 2 , depending on the rate of fluid production. At the same time, metamorphism is probably most efficient if the system is not permeable enough to lose significant heat by advection (i.e., Nu Շ 2). This generally requires k Ϸ 10 Ϫ18 to 10 Ϫ17 under middle-to lower-crustal conditions. The near-coincidence of the values for dewatering and significant heat advection defines a narrow permeability range for hydrologically active metamorphism. The condition with Nu Ϸ 2 might reasonably be regarded as an optimum for such metamorphism because it defines the maximum transport of solute mass that is possible without advective cooling.
APPENDIX: PERMEABILITIES CONSTRAINED BY GEOTHERMAL DATA
A1. Sedimentary Basins A1.1. Uinta basin. Geothermal observations in the Uinta basin, Utah, indicate moderately depressed heat flow in groundwater recharge areas and elevated heat flow in discharge areas [Chapman et al., 1984] . A numerical model of coupled groundwater flow and heat transport showed that these thermal observations could be matched by assigning a homogeneous, isotropic permeability of ϳ5 ϫ 10 Ϫ15 m 2 to the upper 3 km of the basin sediment, a value 2-3 orders of magnitude lower than the mean of in situ hydraulic test values for the same units [Willett and Chapman, 1987] (Table 1) .
A1.2. North Slope basin. In the North Slope, Alaska, basin heat flow is depressed by groundwater downflow in the foothills of the Brooks Range and enhanced by upflow near the Arctic Ocean [Deming et al., 1992] . Deming [1993] treated the basin as homogeneous but anisotropic and showed that the thermal observations were well matched for particular ranges of horizontal and vertical permeability ( Table 1 ). The thermally determined ranges are consistent with the results of in situ hydraulic measurements if one simply takes the arithmetic mean of the in situ values to represent k x and the harmonic mean to represent k z . (Deming [1993] also showed that the thermal observations were well matched with a heterogeneous permeability model that simply assigns in situ test values of permeability to each lithologic unit. But his approach made clear that the geothermal data themselves could be used to resolve only single values of k x and k z for the basin; any more complex model of permeability based only on the geothermal data would be overparameterized.) A1.3. Arkoma basin and Rhine graben. Heat transport in the Arkoma basin of the North American midcontinent is conduction dominated, and Lee et al. [1996] used the Domenico and Palciauskas [1973] approach (equation (9)) to infer basin-scale permeability of Յ10 Ϫ15 m 2 . Heat transport in the northern Rhinegraben of southwest Germany is clearly affected by advection, and Clauser [1989] combined the Bredehoeft and Papadopulos [1965] approach (equation (5)) with numerical simulation to constrain basin-scale permeability in the narrow range of 3-6 ϫ 10 Ϫ15 m 2 .
A2. Other Environments A2.1. California Coast Ranges. Investigation of heat flow in the vicinity of the San Andreas fault has led to a fairly strong consensus that the thermal regime of the California Coast Ranges is conductive [e.g., Lachenbruch and Sass, 1992] . Given the rugged topography of the Coast Ranges, which provides large driving-force gradients for groundwater flow, this implies that average upper crustal permeabilities of the (mainly) granitic and metamorphic rocks are less than 10 Ϫ17 m 2 , with nearsurface permeabilities less than ϳ10 Ϫ15 m 2 [Williams and Narasimhan, 1989] .
A2.2. Cascade Range. The Cascade Range volcanic arc of the Pacific Northwest is characterized by fairly high permeabilities in young, unaltered volcanic rocks and lower permeabilities in older volcanic rocks. In the broad highlands composed of young volcanic rocks (the High Cascades), the geothermal gradient is near zero owing to vigorous groundwater recharge. In older volcanic rocks, heat transport seems to be dominantly by conduction, with advection only in discrete zones. Replicating these observations in a numerical model required assigning permeabilities Ն10 Ϫ14 m 2 in the youngest rocks and Յ10 Ϫ16 m 2 in the oldest rocks [Ingebritsen et al., 1992] .
A2.3. Hawaii. The island of Hawaii provides abundant geothermal and hydraulic data from volcanic rocks [Ingebritsen and Scholl, 1993] . The in situ permeability of the near-surface rocks is extremely high, averaging at least 10 Ϫ10 m 2 [Williams and Soroos, 1973] . Hydrothermally altered rocks at greater depths have somewhat reduced permeability, and densely intruded and altered rocks at even greater depths are much less permeable (Table 1) . Evidence for high-, moderate-, and low-permeability zones can be seen in the temperature profile from a National Science Foundation (NSF)-funded drill hole (Figure 9 ) located in Kilauea caldera just southwest of Halemaumau. Although this drill hole is believed to overlie Kilauea's magma chamber, the temperature profile is nearly isothermal to a depth of about 500 m because the high near-surface permeability allows copious groundwater recharge. Between 500-and 1200-m depth there are signs of free convection, which requires at least moderate permeability. Below 1200-m depth there is no sign of convective overturn despite a very high temperature gradient. The lack of convection below ϳ1-km depth despite high temperature gradients seems to be typical of wells in Kilauea's volcanic rift zones [Kauahikaua, 1993] , and a Rayleigh number approach can be used to infer that permeability at such depths is generally less than 10 Ϫ15 m 2 , a value consistent with long-term flow test data from the HGP-A well in Kilauea's East Rift Zone (k Ϸ 10 Ϫ16 m 2 ) [Ingebritsen and Scholl, 1993] .
A2.4. Jura overthrust. In the Aare Valley of north central Switzerland a positive, closed heat flow anomaly overlies the main Jura overthrust. The favored mechanism to explain the heat flow anomaly is upflow of deep fluids, a model that requires crystalline basement rock at depths of ϳ3-7 km to have vertical permeability in the range of 5 ϫ 10 Ϫ15 to 3 ϫ 10 Ϫ16 m 2 [Griesser and Rybach, 1989] . A2.5. Kola drill hole. A superdeep drill hole on the Kola Peninsula, Russia, penetrates crystalline rocks of the Fennoscandian shield to a depth of 12.3 km. Heat flow data from the hole show large (Ͼtwofold) variations with depth, an observation that can be explained in terms of topographically driven groundwater flow if the permeability of the upper 4 km of the crust is in the range of 10 Ϫ15 -10 Ϫ14 m 2 [Kukkonen and Clauser, 1994] .
A2.6. KTB drill hole. The KTB superdeep drill hole penetrates 9.1 km of a gneiss-metabasite complex in northeast Bavaria and allowed measurement of in situ permeability at depths that amount to about one-third the thickness of the European continental crust. Modeling of the fluid flow and heat transport at the scale of the entire crust, constrained by the observed absence of thermally significant convection at depth, indicates permeabilities of Յ10 Ϫ17 m 2 for large rock volumes [Clauser et al., 1997] . The results of in situ (drawdown) tests indicate generally higher permeability values, of the order of 10 Ϫ17 -10 Ϫ15 m 2 above 4-km depth and 5 ϫ 10
Ϫ18
to 2 ϫ 10 Ϫ16 m 2 below .
ACKNOWLEDGMENTS. Barbara Bekins (U.S. Geological Survey) and Dennis Bird (Stanford University) provided thorough and constructive reviews of earlier versions of this manuscript, as did Reviews of Geophysics referees Jay Ague (Yale University) and Douglas Rumble (Carnegie Institute of Washington). The paper also benefited from the comments of an anonymous interdisciplinary referee and Editor Thomas Torgersen.
Thomas Torgersen was the Editor responsible for this paper. He thanks Jay Ague and Douglas Rumble for their technical reviews, and an anonymous referee for the cross-disciplinary review.
